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a b s t r a c t
Quantifying uncertainty is essential for any paleoenvironmental proxy. Recent work on propagating error
through the equation used to determine atmospheric CO2 concentrations from paleosol carbonates yields conﬂicting results. Small magnitude uncertainty from Gaussian error propagation contrasts with larger magnitude
uncertainty from Monte Carlo error propagation. The discrepancy is reconciled here by revising partial differential equations for the Gaussian approach. Uncertainties calculated using the two approaches are compared and
applied to Miocene calcic paleosols. Monte Carlo-propagated errors are asymmetrical but otherwise agree with
Gaussian errors. Three methods for assigning soil-respired CO2 concentrations (S(z)) to paleosols are also
compared. A revised calibration of depth to the Bk horizon as a direct proxy for S(z) is presented and although
it results in lower atmospheric CO2 concentrations than the original calibration, it results in signiﬁcantly higher
calculated atmospheric CO2 than the use of mean annual precipitation as a proxy for S(z) or assigning S(z) values
based on soil order. Averaging atmospheric CO2 concentrations calculated using soil-order based S(z) values from
N 10 penecontemporaenous and independent paleosols will likely result in useful constraints on Earth system
sensitivity. The improvement of proxies for S(z) is needed to increase the accuracy and precision and to resolve
potential volatility in CO2 time series.
© 2014 Elsevier B.V. All rights reserved.

1. Introduction
With atmospheric CO2 peaking at 400 ppm in May 2013 (Tans and
Keeling, 2013) and strongly linked with human emissions and global
warming (Stocker et al., 2013) Earth's ancient greenhouse climates are
becoming increasingly realistic analogs for our future. Computer models
used for projections of future climate have been able to accurately simulate rapid feedbacks (b10 years) for several decades (Charney, 1979).
In order to accurately simulate longer timescale feedbacks and thereby
project warming over longer timescales, these models need to be tested
using proxy data, including atmospheric CO2 concentrations, from
ancient warm episodes (e.g. Lunt et al., 2010; Naish and Zwartz, 2012;
Royer et al., 2012; Pierrehumbert, 2013; Schmidt et al., 2013). In addition to validating climate models, paleoatmospheric CO2 records also
help quantify Earth's geologic carbon cycle and how it responds to
both slow and rapid perturbation (e.g. Berner, 2006; Schaller et al.,
2011). Paleoatmospheric CO2 concentrations can be calculated using
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measured differences between the δ13C values of calcium carbonate
and organic matter preserved in paleosols (Cerling, 1991). Abundant,
high-resolution sequences of paleosols in the terrestrial rock record
make these materials attractive for paleoclimate work, because of
their potential for time series of high temporal resolution (Retallack
et al., 2004; Retallack, 2009b). As for any paleoenvironmental proxy,
accurate propagation of error is required to draw statistically signiﬁcant
conclusions regarding, for instance, trends in atmospheric CO2 or Earth
system sensitivity (ESS, Hansen et al., 2008; Lunt et al., 2010). Two recently applied methods of error propagation through Cerling (1999)
pedogenic carbonate paleobarometer are Gaussian (Retallack, 2009b)
and Monte Carlo simulation (Breecker, 2013), but these give different
magnitudes of error, a discrepancy that is reconciled here.
The least well constrained input for the Cerling (1999) paleobarometer
is soil respired CO2 concentration (S(z)), which is highly variable in both
space and time (Breecker et al., 2009, 2013). Proxies for S(z) include the
depth to salts (Retallack, 2009b) and mean annual precipitation (MAP)
(Cotton and Sheldon, 2012). It has also been argued that S(z) values can
be assigned based on soil order (Breecker, 2013; Montañez, 2013).
These three approaches for assigning S(z) are compared here by
application to Miocene paleosols from Montana (Cotton and Sheldon,
2012), midwestern United States (Fox and Koch, 2003) and Rusinga
Island, Kenya (Bestland and Krull, 1999).

2

D.O. Breecker, G.J. Retallack / Palaeogeography, Palaeoclimatology, Palaeoecology 406 (2014) 1–8

Each of these temperature proxies have error envelopes that also need
to be introduced into Eq. (1).

2. Background
2.1. The paleosol carbonate atmospheric CO2 proxy

2.2. Quantifying S(z)
The equation relating atmospheric CO2 concentrations with the
carbon isotope compositions of soil carbonate and soil respired CO2 is
as follows (Cerling, 1999):

½CO2 atm ¼ SðzÞR ¼ SðzÞ

δ13 Cs −1:0044δ13 Cr −4:4
δ13 C a −δ13 C s

ð1Þ

where [CO2]atm is the atmospheric CO2 concentration and S(z) is
the concentration of soil CO2 that is contributed by soil respiration
(i.e. S(z) = soil CO2 concentration − [CO2]atm). The variable S varies
with depth (z) and with time, here we are concerned with S at the
depth of carbonate formation and at the time of year of carbonate formation. In Eq. (1), δ13C represents the carbon isotope composition
expressed in the standard per mil notation and the subscripts s, r and
a refer to soil CO2, soil-respired CO2 and atmospheric CO2 respectively.
The variable R equals the fraction involving the δ13C values on the
right hand side of Eq. (1). This equation derives from isotope mass balance and the concept that CO2 in soils is a mixture between atmospheric
CO2 and CO2 produced in the soil by biological respiration. Values of
δ13Ca can be calculated from marine foraminiferal records (Passey
et al., 2002) and are available throughout the Cenozoic (Tipple et al.,
2010). For application to paleosols, the carbon isotope composition of
respired CO2 is best determined from the carbon isotope composition
of soil organic matter (Cerling, 1992). It is well documented that δ13C
values of organic matter in modern soils are similar to litter near the surface and increase with depth (e.g. Feng et al., 1999; Wynn et al., 2005;
Wynn and Bird, 2007), even in soils that were archived before substantial onset of the Seuss effect (Torn et al., 2002). Therefore organic carbon
in soil B horizons, which are typically sampled when working with
paleosols, has δ13C values higher than the average biomass. It has therefore been suggested that measured δ13C values of B horizon soil organic
matter be accordingly adjusted in order to accurately determine δ13Cr
for use in Eq. (1) (Bowen and Beerling, 2004; Breecker, 2013). The
equation δ13Cr = δ13Com − 1, where ‘om’ is paleosol organic matter, is
used here.
The carbon isotope composition of CO2 in soil pore spaces during
carbonate formation (δ13Cs) can be determined from the carbon isotope
composition of paleosol carbonates and the temperature of their formation (Cerling, 1991) using the temperature-sensitive equilibrium isotope fraction factor between calcite and CO2 (Romanek et al., 1992):
13

δ Cs ¼

δ13 Ccc þ 1000
−1000
ð11:98−0:12T Þ
þ1
1000

ð2Þ

which can be substituted into Eq. (1) for error propagation. Determination of the temperature of formation can be difﬁcult for several reasons.
Oxygen isotope compositions of pedogenic carbonates can be a guide,
but require calibration for latitude, elevation and distance from the
ocean (Dworkin et al., 2005; Kent-Corson et al., 2006), and are
prone to diagenetic and metamorphic resetting in deep time (Mora
et al., 1998). Other methods of calculating paleotemperatures from
chemical composition of paleosols give the mean annual temperature
(Gallagher and Sheldon, 2013), but in most soils carbonate precipitates
preferentially in the warm season (Breecker et al., 2009; Passey et al.,
2010; Quade et al., 2013). Some low elevation (N2 km) soils in summer
wet parts of South America are exceptions in that carbonates record the
mean annual temperature (Peters et al., 2013). These exceptions were
discovered with the clumped isotope thermometer (Ghosh et al.,
2006), which gives the most reliable temperatures for use in calculating
δ13Cs in paleosols that have been shallowly buried (Quade et al., 2013).

Four principal approaches have been used for quantifying values
of S(z): 1) soil categories (Cerling, 1991); 2) soil orders (Montañez,
2013); 3) paleoprecipitation (Cotton and Sheldon, 2012); and
4) calcic-depth (Retallack, 2009b). The original values used by Cerling
(1991) varied from below 3000 to 10,000 ppmV and were based on
whether there was evidence for soils having formed in deserts (below
3000 ppmV) or whether the soils were well drained and formed in temperature or tropical climates (5000–10,000 ppmV). Different values,
also based on soil morphology, were used by Montañez et al. (2007).
A single lower S(z) value (2500 ppmV) was proposed to be appropriate
for averages of large numbers of paleosols (Breecker et al., 2010), based
on solving Eq. (1) for S(z) and applying to modern surface soils using
preindustrial values for atmospheric CO2. Soil order-based S(z) values
have recently been tabulated (Montañez, 2013) and revised using the
same method (Breecker, 2013). The primary advantage of the soil
order approach over the soil category approach is increased speciﬁcity,
there being a signiﬁcant difference in S(z) among some soil orders
(Breecker, 2013). The advantages of the soil order approach over the
paleoprecipitation and calcic-depth approaches (described below)
involves the method by which each has been calibrated. First, the soil
order based approach has been calibrated using 202 soils whereas the
paleoprecipitation and calcic-depth proxy calibrations involve only 23
and 15 soils. Second, the soil order approach is calibrated by solving
Eq. (1) for S(z) and applying to modern soils, which inevitably results
in S(z) values that are appropriate in Eq. (1) because they correspond
to carbonate accumulation. This is not necessarily the case for the
existing paleoprecipitation and calcic-depth proxy calibrations. These
proxies have been calibrated by assuming that the warm season minimum (Cotton and Sheldon, 2012) or late growing season shoulder
(Retallack, 2009b) S(z) values correspond to carbonate accumulation.
The measurements of soil S(z) in these studies were made during relatively short-duration (i.e. 1 or 2 growing seasons) and in some cases
low temporal resolution (as low as only 1 growing season measurement) soil gas monitoring studies. If calcite primarily accumulates in
soils during sporadic droughts (i.e. not every year, Breecker et al.,
2009), then the gas monitoring studies used for calibration may not
have captured carbonate accumulation events and the S(z) values
used for calibration may be overestimates. Alternatively, carbonate in
some of the soils used for the paleoprecipitation and calcic-depth calibrations may have formed at a different time of year than was assumed.
Both of these could result in inaccurately assigned S(z) values, given
that soil CO2 concentrations vary seasonally and interannually (see
compilation of seasonal variations in Retallack, 2009b; Breecker et al.,
2013). It should be noted, however, that Eq. (1) was used to validate
the paleoprecipitation proxy for S(z) (Cotton and Sheldon, 2012).
Although calibration by solving Eq. (1) for S(z) circumvents these
potential shortcomings it also involves a number of complexities and
drawbacks of its own. Comparison between δ13C values of soil organic
matter and soil carbonate measured in modern surface soils requires
consideration of the Seuss effect (impacts on both organic matter
and carbonate may be minimal in the B horizon). The relatively low
modern atmospheric pCO2 theoretically results in a large error for
S(z) N 600 ppmV (Breecker, 2013). Furthermore, soil order explains
little of the S(z) variance in Mollisols, Aridisols and Alﬁsols (there are
no signiﬁcant differences in S(z) among these soil orders, Breecker,
2013) indicating that this categorical approach misses the main controls
on S(z), which has also been concluded for mean summer S(z) (Cotton
et al., 2013). Precision might therefore be improved by using different
or additional categories or using continuously variable proxies. Although the soil-order approach accounts for variance of S(z) within
soil orders (the variance is considered as an error that is propagated
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through Eq. (1)), it does not resolve such variations and therefore, when
applied to sequences of paleosols, may attenuate the actual secular
variations in atmospheric CO2. Finally, it should be noted that S(z) varies
widely both spatially and temporally in Vertisols (Breecker et al., 2013)
and therefore uncertainty associated with S(z) for Vertisol and other
soils with vertic properties is currently large.
Two other proxies for S(z) are continuous variables and are therefore
perhaps better suited to the study of time-series. The ﬁrst relates S(z),
measured in modern soil pore spaces at the end of the growing season,
to the depth of the soil horizon in which calcium carbon accumulates,
the Bk horizon (Retallack, 2009b). The standard error (se) associated
with the transfer function for S(z) from modern soils is ± 766 ppm
for carbonate and ± 659 ppm for gypsum. The second relates S(z),
again measured in soil pore spaces, to mean annual precipitation
(Cotton and Sheldon, 2012), which in turn is related to depth to Bk
(e.g. Retallack, 2005) or to chemical weathering indices such as, CIA-K
(Sheldon et al., 2002) or CALMAG (Nordt and Driese, 2010). The standard error for S(z) determined from the modern transfer function of
Cotton and Sheldon (2012) is ± 681 ppm. Total S(z) error is larger
than this because uncertainty in determination of paleoprecipitation
needs to be incorporated and this is signiﬁcant: se = ± 147 mm for
depth to Bk (Retallack, 2005), se = ± 172 mm for CIA-K (Sheldon
et al., 2002) and se = ± 108 mm for CALMAG (Nordt and Driese,
2010). The primary advantage of the calcic depth and paleoprecipitation
proxies is the potential to distinguish variations in S(z) within and
among soil orders and other categories, which may be important for
resolving CO2 spikes in the geologic record. It should be noted that
these proxies could be calibrated by rearranging Eq. (1) (rather than
using measured pore space CO2 concentrations). The soil order,
paleoprecipitation and calcic-depth (after revision, see below) approaches are compared here in their application to Miocene paleosols.
3. Methods
The equation used for Gaussian error propagation is based on a
Taylor series expansion of the function of interest, f(x,y,z …) and relates
total error associated with the value of a function (i.e. error on the value
of f) to error on each of the variables (x,y,z…):
sf ¼

s
ﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃ

 2
 2
∂f 2 2
∂f
∂f
sx þ
s2y þ
s2z þ ⋯
∂x
∂y
∂z

ð3Þ

where sf represents the total error (standard deviation of the values of f),
sx, sy, sz… represent the standard deviations of each input variable,
and

∂f ∂f ∂f
; ; …
∂x ∂y ∂z

are the partial derivatives of f with respect to each

input variable. Eq. (3) is a good approximation if the standard deviations of input variables are small relative to the partial derivatives
(Clifford, 1973). The relevant equation for error associated with
atmospheric CO2 concentrations determined using calcic paleosols is:
S½CO2 gatm
sﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃ








∂½CO2 atm 2 2
∂½CO2 atm 2 2
∂½CO2 atm 2 2
∂½CO2 atm 2 2
¼
SSðzÞ þ
Sδ13 C þ
Szδ13 C þ
Szδ13 C :
s
r
a
∂SðzÞ
∂δ13 C S
∂δ13 C r
∂δ13 C a

ð4Þ
Eq. (4) can be further expanded by replacing the δ13Cs term with
terms for the δ13C value of pedogenic carbonate and the temperature
of soil carbonate formation, which are together used to calculate δ13Cs
(see Retallack, 2009b for the expanded equation). The expanded version of Eq. (4) was used to calculate the errors reported here. Additional
substitutions are appropriate wherever one of the variables in Eq. (4) is
calculated from values of other variables. The equations for each of the
partial derivatives in the expanded version of Eq. (4) are shown in the
Supplementary data and an Excel spreadsheet incorporating these
equations is available from the authors.

3

Monte Carlo error propagation involves randomly selecting values
from normal (or other) distributions deﬁned for each variable on the
right hand side of Eq. (1). A value for [CO2]atm is calculated using the
randomly selected values. This process is repeated some large number
of times (10,000 iterations used here), resulting in a distribution of
[CO2]atm from which mean, median, percentile values, etc. can be calculated. The Matlab code PBUQ (Breecker, 2013) was used to carry out
the Monte Carlo error propagation. The 84th and 16th percentile values
(i.e. middle 68%) from the Monte Carlo simulations are reported for
comparison with standard deviations from the Gaussian approach.
Gaussian error propagation assumes independence of variables. The
variables in Eq. (1) used to calculate paleoatmospheric CO2 are not
mechanistically independent, as noted by Breecker (2013). For instance,
δ13Cr is related to δ13Ca because plants get carbon from the atmosphere.
Certainly if δ13Cr was calculated from δ13Ca, then the errors on these
variables would be correlated and Gaussian error propagation would
be inappropriate (it would underestimate uncertainty on CO2). However, in this study δ13Cr is calculated from measured δ13C values of organic
mater occluded in the paleosol carbonate nodules whereas δ13Ca is
calculated from marine foraminifera. This is done because δ13Ca is not
the only control on δ13Cr and therefore δ13C values of paleosol organic
matter more accurately record δ13Cr than do values of δ13Ca. Therefore
although δ13Cr and δ13Ca are not truly independent variables, they are
calculated using independently measured variables. Therefore, there is
no reason to suspect that the errors on δ13Ca and δ13Cr resulting from
1) analytical uncertainty or 2) calculation of the variables of interest
from the measured values (e.g., calculation of δ13Ca from δ13C of marine
foraminifera) are correlated. However, error on d13Cr and d13Ca
resulting from secular changes during an interval of interest are likely
to be correlated. Such an error is small and has not been considered
here in either the Monte Carlo approach or the inappropriateness of
the Gaussian approach.
In order to calculate MAP (the independent variable) from depth
to Bk (dependent on MAP), a regression of ln(depth to Bk) on MAP
was used (Breecker, 2013). This avoids a bias toward low depth to Bk
at low MAP that is introduced when the regression is done with MAP
on the y-axis (i.e. regression of MAP on depth to Bk as reported by
Retallack, 2005). However regression of ln(depth to Bk) on MAP also results in calculation of negative MAP values when measured depth to Bk
is smaller than 20 cm and also likely overestimates MAP when depth to
Bk exceeds 1 m. Because the form of the relationship between MAP and
depth to Bk is not known a priori, ﬁtting a curve to these data may be
most accurately accomplished using monotone smoothing functions,
as employed by Beerling et al. (2009) for the relationship between
stomatal index and CO2.
The transfer function in PBUQ (Breecker, 2013) used to calculate S(z)
directly from depth to Bk was calculated with S(z) as an independent variable (on the x axis) and Bk on the y axis. This is probably not the best way
to do the regression because most of the error is associated with S(z) and
it is not clear that either of these variables is truly dependent on the other.
More likely both variables are controlled by interactions among other variables such as precipitation, potential evapotranspiration, soil texture and
organic matter content. The calculations made here use the original transfer function reported by Retallack (2009b) such that all deviations from
the regression line are assumed to be associated with S(z) error.
Error calculations were performed for Miocene paleosols in
which δ13C values of carbonate nodules and B-horizon organic matter
have been measured previously. These carbon isotope data were compiled from a number of publications concerning paleosols exposed in
Montana (Cotton and Sheldon, 2012), the Great Plains of the United
States (Fox and Koch, 2003) and Rusinga Island, Kenya (Bestland and
Krull, 1999). Ages used here are as reported or referenced in those publications. Paleosols with organic matter δ13C values greater than −22‰,
which constitutes a likely C4 biomass component, were not used. Values
for the carbon isotope composition of soil respired CO2 were calculated
using δ13Cr = δ13Com − 1 (Breecker, 2013). Paleotemperature (mean
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annual air temperature) was assumed to be similar to modern and was
estimated based on data from nearby cities with an error (1σ) of ±5 °C
assumed. Miocene temperatures probably were not the same as modern, but a conservative error is assigned to these temperature
estimates and the calculation of [CO2]atm is, for most soils, largely insensitive to temperature. Paleotemperature for the Montana paleosols
is from Retallack (2007) and is the same value used by Cotton and
Sheldon (2012). Soil carbonate formation temperature for low latitude
samples (Kenyan paleosols) were set equal to the mean annual temperature (Passey et al., 2010). Soil carbonate formation temperatures for
mid latitude samples (Texas, New Mexico, Nebraska) were calculated
from assumed mean annual air temperature using a relation resulting
from compilation of data from Quade et al (2013) and Passey et al
(2010):
T ¼ 0:5ðMAATÞ þ 18:0

signiﬁcant (Breecker, 2013), making this distinction of minor importance for the resulting atmospheric CO2 concentrations.
The calcic-depth proxy for S(z) was revised by relating depth to carbonate to the lowest growing season S(z) values measured in each soil
gas monitoring study. The depth to Bk was revised for the Azerbaijani
soils in the calibration dataset and two Entisols with shallow accumulations of carbonate on the underside of clasts (Breecker et al, 2009) were
added to the calibration dataset. We term this calibration as ‘depth to
carbonate’ rather than ‘depth to Bk’ because the Entisols included in
the dataset have Ck rather than a Bk horizon.
4. Results and discussion

ð5Þ

The revised calibration of depth to carbonate as a proxy for S(z) is
shown in Fig. 1. The new calibration has a smaller slope than the original
calibration (Retallack, 2009b) and is likely a more accurate reﬂection
of S(z) during carbonate formation in soils. It is currently unclear
whether this calibration is applicable to all paleosols or only to a certain
subset and this approach might be improved with soil order speciﬁc
calibrations. The proxy would also beneﬁt from the development of a
supporting theoretical framework. Application of this proxy to soils
with truncated tops would result in underestimates of S(z), which
would counteract the potentially overestimated S(z) values used in
the calibration. This calibration can be used for soils with depth to Bk
less than 20–30 cm as long as the pedogenic carbonates used to
determine the δ13C value of soil CO2 are sampled from below 30 cm
(Cerling, 1991) to maintain consistency with the depth of soil CO2
concentration measurements used in the calibration (Retallack, 2009b).
Gaussian and Monte Carlo error bars are generally in good agreement (Table A1, Fig. 2). The Monte Carlo error bars are asymmetrical,
especially for the soil order-based approach, and typically shorter than
the Gaussian error bars on the low end and longer than the Gaussian
error bars on the high end. The skew results from skewed distributions
of S(z) that are used to calculate [CO2]atm and from the multiplication of
uncertain variables (Breecker et al, 2013). The medians of these skewed
distributions are considered to be the best estimates. The Monte Carlo
error bars calculated using S(z) from MAP are larger than the corresponding Gaussian error bars because the latter consider only the
error associated with regression of S(z) on MAP (Cotton and Sheldon,
2012) whereas the former also consider error associated with the values
of MAP determined from depth to Bk. The absolute magnitude of error
varies more among paleosols for the soil-order based approach to
assigning S(z) values than for the other approaches because the variance of S(z) is much higher for some soil orders (e.g. Vertisols) than

where T (°C) is the temperature of carbonate formation and MAAT (°C)
is the mean annual air temperature. Soil carbonate formation temperatures approximately 15 °C above mean annual air temperatures have
recently been reported for modern soils in Wyoming and Nebraska
(Hough et al., 2014), including densely vegetated surfaces. This
supports the soil carbonate formation temperatures used here which
are substantially higher than previous studies of the same paleosols
(e.g. Cotton and Sheldon, 2012). Uncertainty would likely be reduced
and accuracy improved by measuring the clumped isotope compositions of the paleosol carbonates used in this study. Applying these conventions for calculating δ13Cr and carbonate formation temperature to
the modern soil data used in Breecker et al. (2010) decreases the
mean S(z) value from 2800 ± 1800 to 950 ± 300 ppmV, a value consistent with subsequent soil order calibrations (Breecker, 2013; Montañez,
2013).
For the purpose of assigning S(z) values, Alﬁsols were recognized by
subsurface accumulation of clay qualifying as an argillic horizon (Soil
Survey Staff, 2010), and Inceptisols were recognized as thick proﬁles
with soil development short of both argillic and calcic horizons. Soils
with vertic properties were recognized by the preservation of slickensides and wedge-shaped peds. Vertic Inceptisols exposed on Rusinga
Island were classiﬁed as Vertisols for the purpose of assigning S(z).
Paleosols in which carbonate accumulation was a dominant feature
were identiﬁed as Aridisols if there was no evidence for a mollic
epipedon or as Mollisols if a mollic epipedon was documented. The difference between mean S(z) values in Aridisols and Mollisols is not
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(2009b) for depth to Bk is shown for comparison.
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Soil-order based S(z) values

5

S(z) from depth to Bk

S(z) from MAP

1800

atmospheric CO2 (ppmV)

1600

A

B

C

mean (Gaussian)
mean (Monte Carlo)

1400

median (Monte Carlo)
mean (Gaussian, Retallack 2009)

1200
1000
800
600
400
200
0
δ11B
stomata

900

D

800

E

F

marine phytoplankton
B/Ca
paleosol carbonate

atmospheric CO2 (ppmV)

700

R < 0.3

600
500
400
300
200
100

R < 0.3

R < 0.3
0
5

10

15

20

5

10

Age (Ma)

15

Age (Ma)

20

5

10

15

20

Age (Ma)
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soil Bk horizon (Cotton and Sheldon, 2012). The panels in the top row (panels A–C) show comparison between error propagation by Gaussian and Monte Carlo approaches. Orange
triangles and error bars show mean values (±1σ) calculated using Gaussian error propagation. Black symbols show mean (open circles) and median (open squares) values and the
black error bars show 16th and 84th percentile values calculated using Monte Carlo error propagation. Atmospheric CO2 concentrations are displayed for soils with δ13C values of organic
matter less than −22‰ and in B) and C) for soils with measured depth to Bk and for which positive mean S(z) values were calculated. The Kenyan paleosol plotted at 18.1 Ma is constrained
to be N18 Ma (Drake et al., 1988). Yellow triangles in B) are from Retallack, 2009b using the original depth to Bk calibration and are shown for comparison. The panels in the bottom row
(panels D–F) compare CO2 determined from other proxies with the CO2 concentrations determined from paleosol carbonates. The paleosol carbonate values in D–F are medians calculated
using the Monte Carlo approach and are duplicated from panels A–C. Atmospheric CO2 concentrations from Retallack (2009b), adjusted to account for the new calibration of S(z) versus
depth to carbonate (Fig. 1), are shown in Panel E. Error bars for these points were calculated assuming ±1‰ on the values of δ13Cr used by Retallack (2009b). Paleosols for which R b 0.3,
unbalanced soils in which S(z) ≫ [CO2]atm resulting in large uncertainty (Breecker, 2013) are indicated. All of the values from Retallack (2009b) have R b 0.3. Miocene atmospheric CO2
concentrations determined using other proxies are shown for comparison (Van Der Burgh et al., 1993; Kürschner, 1996; Royer et al., 2001; Kürshcner et al., 2008; Beerling et al., 2009;
Retallack, 2009a; Tripati et al., 2009; Foster et al., 2012; Badger et al., 2013; Zhang et al., 2013).

others whereas the standard error of S(z) based on regression lines is
approximately uniform for all paleosols.
The mean atmospheric CO2 concentrations calculated using depth
to carbonate as a proxy for S(z) are signiﬁcantly higher than the
mean concentrations calculated by assigning S(z) based on soil order
(t-test, p b 0.01). This discrepancy may derive from different methods
of calibration, as described above. Both the depth to carbonate and
paleoprecipitation proxies for S(z) result in atmospheric CO2 concentrations higher than those calculated using the soil order-based approach
for the 5.5 Ma paleosols from the Six Mile Creek Formation in Montana
(Fig. 2). This discrepancy could be the result of a relatively high S(z)
value for this paleosol that is captured by the depth to carbonate but is
not well represented by the distribution of S(z) values used in the soil
order-based approach. However, the soil order approach results in atmospheric CO2 concentrations that are more consistent with other proxy

records for this soil (Fig. 2). The [CO2]atm reported here using the S(z)
from the MAP technique for the 5.5 Ma Six Mile Creek paleosols is higher
than the value reported by Cotton and Sheldon (2012) because a higher
carbonate formation temperature and a lower δ13Cr value were used
here. It should be noted that the S(z) from MAP proxy works better
when CIA-K, rather than depth to Bk, is used to determine MAP
(Cotton and Sheldon, 2012).
Middle Miocene atmospheric CO2 concentrations (Retallack, 2009b)
revised with the new depth to carbonate calibration peak during the
middle Miocene thermal maximum (15–17 Ma) and decrease during
the middle Miocene climatic transition (14–15 Ma); these trends are
consistent with other proxies but some of the best values are unreasonably low (b 100 ppmV) (Fig. 2). These atmospheric CO2 estimates would
be improved by measuring the δ13C values of organic matter in these
paleosols outcropping in Railroad Canyon, Idaho and using published
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records of δ13Ca as input for Eq. (1). The error bars on the paleosol-based
CO2 concentrations are larger than the error bars reported for other
proxies. It should, however, be recognized that the error bars on the former include all signiﬁcant sources of error (dominated by S(z)) whereas
there are unquantiﬁed uncertainties associated with some of the other
proxies, such as the possible occurrence of carbon concentration mechanisms in marine algae (Zhang et al., 2013) and poor constraints on the
variations of sea water δ11B values during the Cenozoic (Foster et al.,
2012).
Given the relatively poor precision on individual CO2 determinations, can Eq. (1) be usefully applied to Cenozoic climate change? As
an example application, we sought to determine whether or not averaging CO2 concentrations determined from numerous paleosols could
help constrain Earth system sensitivity (Hansen et al., 2008; Lunt
et al., 2010). Averaging is an appropriate approach for this question because ESS concerns Earth's average atmospheric CO2 concentration and
equilibrium temperature over N 103 years. Therefore the relevant statistic is how well we know the average CO2 concentration (e.g. standard
error of the mean) not how well we know an individual proxy-based
determination of atmospheric CO2 (e.g. standard deviation). Paleosol
data from a time slice during which CO2 was elevated with respect to
Late Holocene preindustrial CO2 are required to calculate the ESS of an
elevated CO2 Earth. Sufﬁcient appropriate paleosol data with which to
test such averaging do not currently exist. Therefore, hypothetical
paleosols were used in this analysis as a proof-of-concept exercise to
determine how many paleosols might need to be averaged for precise

ESS determination and thereby whether or not it is feasible to collect
the necessary data. The results of our calculations are shown in Fig. 3.
Hypothetical paleosols were considered from a time slice during
which atmospheric CO2 was 2 × preindustrial levels (560 ppmV).
Realistic ‘best’ values and uncertainties were chosen for the variables
in Eq. (1) (see Fig. 3 caption). The best value for S(z) was assigned either
by soil order or, to approximate estimates from depth to Bk, as 2000 ±
780 ppmV (2000 ppmV corresponds to a depth to Bk of 40 cm using the
regression line for calcite in Fig. 1) and the best value for δ13Cpc was
assigned such that the target CO2 (560 ppmV) resulted from evaluation
of Eq. (1) with the other prescribed best values. Monte Carlo simulations
were then used to calculate ESS using the equation:
ESS ¼

ΔT


CO2
log2
280

ð6Þ

where CO2 is [CO2]atm calculated for each iteration for the time slice
of elevated CO2, 280 is the late Holocene preindustrial [CO2]atm
(Indermühle et al., 1999) and ΔT is the difference in global mean
temperature between the elevated CO2 time slice and the late Holocene
preindustrial period. Errors associated with ΔT were considered in this
analysis. For each iteration, the value of ΔT was randomly sampled
from a normal distribution for which 1σ = μ/4 (i.e. assuming that the
temperature anomaly can be constrained with and error of ± 25% of
the mean). For each iteration, between 1 and 50 calculated values of
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Fig. 3. Relative error associated with Earth system sensitivity (ESS) versus number of paleosols averaged. ESS was calculated as described in the text (Eq. (4)). The following values (±1σ)
were used to calculate [CO2]atm values during each iteration: 28 ± 5 °C (carbonate formation temperature), −25.0 ± 1.0‰ (δ13Cr), −6.8 ± 0.2‰ (δ13Ca). S(z) assigned by soil order
(random sampling from distributions of empirically determined S(z) values, Breecker, 2013; Montañez, 2013) or, to approximate S(z) from depth to Bk, as 2000 ± 780 ppmV. Values
of δ13Cpc assigned such that the best value for [CO2]atm = 560 ppmV. An error of 1σ = 0.75‰ was used for δ13Cpc. Averaging among N10 paleosols will likely provide useful constraints
on ESS. Averaging among N30 paleosols may not substantially improve precision on ESS. Averaging fewer than 5 paleosols will likely result in highly uncertain ESS estimates.

D.O. Breecker, G.J. Retallack / Palaeogeography, Palaeoclimatology, Palaeoecology 406 (2014) 1–8

ESS (to approximate averaging of results from 1 to 50 paleosols) were
averaged (median) and the 5th percentile of the resulting distribution
of those median ESS values was determined. The normalized difference
between the median of the ESS median values and the 5th percentile of
the ESS median values:
median of ESS medians−5th percentile of ESS medians
 100
median of ESS medians

ð7Þ

is plotted versus the number of paleosols averaged (Fig. 3). This plot
shows how the precision on ESS improves with averaging. Minimum
ESS (expressed here as the 5th percentile values) are of primary interest
here because many other CO2 proxies saturate at high CO2 which results
in long tails on the low end of estimated ESS distributions. It should
be mentioned that 1) ESS determined in this way is not necessarily
applicable to projections of future climate due to the state dependency
of climate sensitivity (Caballero and Huber, 2013) and that the analysis
carried out here does not consider some sources of error such as
paleoaltimetry and continental conﬁguration.
Averaging of N 10 paleosols constrains the lower error bar on ESS to
be 50% of the ‘best’ value (i.e. if the best estimate for ESS is 3 °C, then
there is 95% conﬁdence that ESS N 1.5 °C) which is similar in precision
to IPCC summarized constraints on climate sensitivity (Solomon et al.,
2007). The CO2 concentration of the ‘elevated CO2’ time slice inﬂuences
these calculations such that ESS precision increases as the magnitude of
the ‘elevated CO2’ increases. For practical purposes this necessitates a
compromise between more recent warm episodes such as the Middle
Pliocene Warm Period and the Middle Miocene Thermal Maximum,
during which CO2 was perhaps modestly elevated (400–600 ppm)
and for which paleoclimate reconstructions are likely better, versus
more ancient time slices, during which CO2 may have been substantially
higher but for which paleoclimate data are more sparse and for which
there are larger uncertainties associated with other factors that inﬂuence Earth's surface temperature, including continental conﬁguration
and ocean circulation, global topography and solar luminosity. Further,
ESS may vary as a function of [CO2]atm and may be higher for icehouse
climates than for greenhouse climates (Park and Royer, 2011). It should
be noted that the results presented in Fig. 3 do not consider secular
variation in [CO2]atm which likely occurred to some degree during any
time slice of interest. Secular variation in [CO2]atm would increase the
uncertainty associated with ESS. Nonetheless, these results suggest
that averaging of N10 paleosols will likely result in useful constraints
on ESS. Averaging results from N 30 paleosols may not substantially reduce ESS uncertainty, except for Vertisols. Averaging results from b 5
paleosols, given current constraints on S(z) will likely result in very
large errors on ESS. Similar adjacent paleosols in the same section
should probably not be considered independent for the purposes of
this type of analysis because such paleosols likely formed under similar
conditions and therefore may be better considered as replicates than as
being truly independent of one another. Even so, 10–30 independent
paleosols is a feasible number and warrants targeted study of paleosols
that formed during warm episodes of the Cenozoic and earlier.
5. Recommended procedure
The following procedure is recommended for reconstructing atmospheric CO2 from paleosol carbonates, in addition to those described
by Cotton and Sheldon (2012). The following data should be reported
in addition to best values and standard deviations for the variables in
Eq. (1): detailed paleosol descriptions, interpretation of soil order including the criteria used, and measurements of depth to Bk. If depth to
Bk is used to assign S(z), the criteria used to identify the paleosurface
should be reported or the absence of a clear paleosurface should be indicated. Reporting of CIA-K or CALMAG is also encouraged. These data
will allow for future improvements and comparison among studies.
The carbon isotope composition of organic matter in each paleosol,
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preferably organic matter occluded in carbonate nodules, should be
measured (Cerling, 1992; Cotton and Sheldon, 2012). The measurement
of multiple samples from each paleosol, collected along transects
parallel to the paleosurface will result in the most representative atmospheric CO2 concentrations. Gaussian or Monte Carlo error bars should
be reported along with best values for CO2.
6. Conclusions
Gaussian and Monte Carlo error propagation yield similar results.
For the Miocene paleosols considered here, Monte Carlo-simulated
distributions of [CO2]atm are slightly skewed toward high values. The approaches for assigning S(z) should be tested using late Pleistocene and
Holocene buried soils as they result in signiﬁcantly different values of
[CO2]atm for the Miocene paleosols considered here. Averaging among
N10 independent paleosols is likely to result in useful constraints on
Earth system sensitivity. Given the abundance of Neogene paleosols in
the rock record, such averaging should be feasible.
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