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Abstract In this paper, we combine active and passive source P wave seismic data to tomographically
image the magmatic system beneath Newberry Volcano, located east of the Cascade arc. By using both
travel times from local active sources and delay times from teleseismic earthquakes recorded on closely
spaced seismometers (300–800 m), we signiﬁcantly improve recovery of upper crustal velocity structure
(<10 km depth). The tomographic model reveals a low-velocity feature between 3 and 5 km depth that lies
beneath the caldera, consistent with a magma body. In contrast to earlier tomographic studies, where elevated temperatures were sufﬁcient to explain the recovered low velocities, the larger amplitude lowvelocity anomalies in our joint tomography model require low degrees of partial melt (10%), and a minimum melt volume of 2.5 km3. Furthermore, synthetic tests suggest that even greater magnitude lowvelocity anomalies, and by inference larger volumes of magma (up to 8 km3), are needed to explain the
observed waveform variability. The lateral extent and shape of the inferred magma body indicates that the
extensional tectonic regime at Newberry inﬂuences the emplacement of magmatic intrusions. Our study
shows that jointly inverting active source and passive source seismic data improves tomographic imaging
of shallow crustal seismic structure of volcanic systems and that active source experiments would beneﬁt
from longer deployment times to also record teleseismic sources.

1. Introduction
In this study, we develop a tomographic method that couples active source and teleseismic data to investigate the magmatic structure beneath volcanoes. Despite signiﬁcant effort, the geometry and structure of
magmatic systems in general remain relatively poorly constrained. Models of magma bodies range from
spherical melt-ﬁlled chambers, to melt sills, to largely crystal-mush regions [e.g., Detrick et al., 1987; Eppich
et al., 2012]. This range of models is due in part to variations in assumed magma composition and in physical setting, but also due to limited geophysical observations of actual magma body geometries. Constraints
from improved seismic imaging will lead to better estimates of the melt content of magmatic systems, as
well as better physical and chemical models of magmatic processes. These in turn will improve our understanding of the dynamics of magmatic systems and our ability to predict volcanic eruptions.
Seismic tomography is often used to constrain magma body location and size. Recovery of subsurface lowvelocity anomalies and hence precise measurement of bulk physical properties is difﬁcult, due to wavefront
healing [Nolet and Dahlen, 2000], imperfect ray coverage, as well as the imposition of smoothing constraints
in tomographic methods. In spite of signiﬁcant effort, geophysically resolvable magma bodies remain relatively rare [Lees, 2007], suggesting that the concept of large, entirely molten magma bodies beneath volcanoes may be erroneous or that such features are short-lived.
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Both teleseismic and active source data sets have been used to tomographically image magmatic systems
[e.g., Ritter and Evans, 1997; Beachly et al., 2012], though rarely together in the same study. Active source
experiments are often used to resolve upper crustal structure, with the depth of imaging limited by the
maximum turning depth of seismic energy. The frequency content (2–30 Hz), typical high ray and station
density, as well as numerous ray crossings, all contribute to the good resolution of active source tomography in the upper crust. In contrast, teleseismic tomography commonly recovers mantle and lower crustal
structure because the relatively large station spacing results in a lack of crossing rays in the shallow crust.
Teleseismic studies are also often limited to lower frequency (<1 Hz) arrivals.
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Figure 1. Topographic map of Newberry Volcano, shaded by elevation gradient, contour interval is 220 m. Blue triangles are stations from
the 1980s Newberry experiments that recorded only active source events (yellow stars). Red triangles are stations from the 2008 experiment that recorded both teleseismic earthquakes and an active source event (red star). Orange lines outline caldera faults. Green-shaded
areas represent the Walker Rim, Brothers, and Sisters extensional fault zones, adapted from Fitterman [1988]. Dashed line indicates the
location of Figure 2. Inset shows Oregon with the box outlining the ﬁgure location.

While traditional teleseismic tomography has not been used to image the upper crust, teleseismic waveforms
recorded on dense arrays of seismometers have provided insight into crustal structure. Teleseismic data have
been used to image the crust in coupled tomography experiments using local, regional, and teleseismic seismicity [Biryol et al., 2013], as well as through the use of vertical-component receiver functions [Schmandt and
Clayton, 2013] and traditional P-s receiver functions [Chu et al., 2010]. Recent experiments at Yellowstone Volcano have tomographically imaged a multitiered magma system using a combination of teleseismic and local
earthquakes [Huang et al., 2015].
Other approaches that constrain magma chamber properties rely on reﬂections and/or conversions off magmatic bodies. These constraints can come from active source seismogram analysis [e.g., Singh et al., 1998],
microseismic/local earthquake analysis [e.g., Ake and Sanford, 1988], and even eruption coda autocorrelations
[e.g., Chaput et al., 2012]. Additional constraints from attenuation tomography [e.g., Zucca and Evans, 1992] can
help resolve magma bodies; although attenuation tomography is made difﬁcult by complicated path effects.
Here we develop a tomographic method that combines densely spaced active source and teleseismic data
to investigate the magmatic structure beneath Newberry Volcano (Figure 1). By combining active source Pwave travel times with teleseismic P-wave delay times, we improve sampling of the target volume, resulting
in better resolution of structure and improved constraints on the size, location, and partial melt content of
the inferred magma body beneath Newberry. We show that the relative strengths of each data set
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complement one another, increasing resolution of structure with little added effort. A principle difference
between our tomographic model and that of previous studies is the improved deﬁnition of the location,
shape, and amplitude of a low-velocity volume (LVV) at 3–5 km depth, as well as structure immediately
beneath this feature [Beachly et al., 2012; Achauer et al., 1988]. While our tomographic model provides
greater geometric constraints on the magmatic system than previous studies, synthetic waveform modeling
shows that it does not predict the observed amplitude of the teleseismic coda, indicating that larger velocity contrasts exist than are tomographically recovered. We also discuss the inﬂuence of regional tectonic
stresses on volcanic structure.

2. Background
2.1. Geologic Setting
Newberry Volcano is located in Central Oregon 60 km east of the High Cascades (Figure 1). Newberry is a
large shield volcano that rises 1.1 km above its surroundings. It exhibits bimodal volcanism with predominantly felsic, caldera-centered eruptions, and mostly maﬁc ﬂank eruptions. Its dimensions are roughly 60 km
by 30 km north-south and east-west, respectively, and it covers an area of 1300 km2 with a total eruptive
volume of 500 km3 [Jensen et al., 2009; MacLeod et al., 1995]. In contrast to the ediﬁce of the volcano, which
is elongate in the north-south direction, the caldera is elongated in the east-west direction, with dimensions
of about 7 km by 5 km east-west and north-south, respectively [MacLeod and Sherrod, 1988].
Newberry Volcano lies near the Brothers, Sisters, and Walker Rim fault zones (Figure 1) in an extensional tectonic regime [MacLeod and Sherrod, 1988]. The Brothers fault zone marks the northern limit of Basin and
Range tectonics [Lawrence, 1976] but does not intersect the volcano. The Sisters fault zone extends north
from Newberry and the Walker Rim fault zone is located south of the volcano and appears to intersect the
volcanic ediﬁce [Fitterman, 1988], suggesting that the latter two fault zones may connect beneath Newberry
[MacLeod and Sherrod, 1988].
During the Holocene, Newberry experienced numerous basaltic andesite and rhyolite eruptions. Rhyolitic
eruptions occurred predominately in the caldera, mostly at locations on, or in close proximity to, the ring
fractures [MacLeod and Sherrod, 1988]. Typical repose times for rhyolitic eruptions are 2000–3000 years
[MacLeod and Sherrod, 1988]. Combined Holocene rhyolitic eruptive output is about 1 km3 [MacLeod and
Sherrod, 1988]. The most recent rhyolitic eruption, the Big Obsidian Flow, occurred 1300 years ago, with a
total eruptive volume of 0.16 km3. Holocene erupted rhyolites are primarily aphyric and all have similar
chemistry [MacLeod and Sherrod, 1988]. The relatively uniform repose time and chemistry of the rhyolite
eruptions have led to the inference that, throughout the Holocene, there has been a long-lived molten
rhyolitic magma body beneath Newberry.
The predominance of basaltic andesite volcanism outside the caldera compared to inside the caldera, suggests a magma body shadow effect [MacLeod and Sherrod, 1988]. This is where maﬁc magma can erupt
around a felsic magma body, but not through it, leading to a zone of rhyolitic eruptive material surrounded
by basaltic lavas. Maﬁc magmatic underplating may facilitate rhyolitic eruptions [MacLeod and Sherrod,
1988]. A felsic magma body with a maximum diameter of 5 km underneath Newberry caldera is inferred
using this interpretation [Fitterman, 1988].
2.2. Previous Geophysical Studies
Newberry has long been recognized as an interesting geophysical target due to its large size, recent volcanism, ease of access, and geothermal potential. In 1988, the volcano was the focus of a special issue of the
Journal of Geophysical Research [Vol 93 B9].
Using active source arrival times, Achauer et al. [1988] recovered low velocities beneath the caldera at
3 km depth, which they interpreted as a magma body. Zucca and Evans [1992] used the same data set as
Achauer et al. [1988] to invert for seismic attenuation. They suggested that, due to the lack of a highattenuation zone in the location of the low-velocity anomaly detected by Achauer et al. [1988], the seismic
anomaly was either part of a breccia zone, or a dry, solidiﬁed, and cracked pluton.
Beachly et al. [2012] used two seismic techniques to study the volcano, including a more modern tomographic imaging method and waveform modeling of a secondary arrival. They concluded that magma bodies
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Figure 2. Topographic map of Newberry Volcano, shaded by elevation gradient,
contour interval is 110 m. Stations from the 2008 experiment are shown as red triangles. Earthquakes from the PNSN catalog from 2012 to 2015 are shown as blue
circles with deep long period (DLP) events from the Paciﬁc Northwest Seismic
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axis in Figures 4–7 and 10.
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ranging from 0 to 60 km3 of melt were
all consistent with their tomographic
results. By modeling waveforms of a
secondary arrival from a nearby shot
(details below), they were further able
to show that their observations were
consistent with 2–8 km3 of melt, a substantially better estimate than what the
tomographic inversions of ﬁrst arrival
times could constrain.
In addition to these active source studies, Stauber et al. [1988] inverted teleseismic delay times to image the magmatic
system. They did not observe a magma
body, but noted that the presence of a
magma body with dimensions smaller
than the dominant seismic wavelength
(10 km) could not be resolved by their
analysis. Electrical resistivity and gravity
studies were also unable to conclusively
detect a crustal magmatic system,
though none of these studies were able
to exclude the presence of a magma
body beneath Newberry [Fitterman
et al., 1988; Gettings and Griscom, 1988].

3. Seismic Data
Our tomographic analysis uses both travel time data for active sources and densely recorded delay time data
for teleseismic earthquakes. The active source data are identical to the arrival times used by Beachly et al.
[2012] and comprise 1006 P wave arrival times and their associated uncertainties, which average 20 ms.
These data include arrival times from a dense
linear array of 81 seismic stations deployed in
2008 to record the waveform coherence of a
shot from the High Lava Plains experiment
[Cox et al, 2013] together with arrival times
from the 1983 and 1984 USGS seismic experiments [Cotton and Catchings, 1989; Dawson
and Stauber, 1986].

30 degrees

90 degrees

Figure 3. Plot of teleseismic events by back azimuth and distance, shown
as gray circles. The black triangle marks Newberry Volcano. The black star
marks the teleseismic event for which waveforms are shown in Figure 4.

HEATH ET AL.

IMAGING THE MAGMATIC SYSTEM OF NEWBERRY

The teleseismic data were recorded in 2008
on the same array that recorded the High
Lava Plains shot; 81 Mark Products L-22D
short-period (2 Hz) seismometers deployed
in a roughly linear array across Newberry Volcano, trending from southwest to northeast
(Figures 1 and 2). Station spacing was 800 m
on the ﬂanks of the volcano and 300 m in
the caldera, forming a 40 km long line centered on the volcano. Because the array
remained deployed for 2–3 weeks after the
shot, it recorded good quality data for 21
teleseismic events at distances from 388 to
928 (Figure 3); event magnitudes were 5–
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6.4 mb. Three-component data were recorded,
with the best signal-to-noise ratio data on the
vertical channel (Figure 4). In some instances,
the amplitudes observed on the radial or transverse channels were comparable to those on the
vertical, possibly as a result of strongly heterogeneous or anisotropic structure [Langston, 1979].
In addition, due to the dense station spacing,
spatially coherent variations in the coda of the
teleseismic waveforms are observed over short
distances (1 km).
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4.1. Teleseismic Delay
Time Measurements
Teleseismic delay times were measured on the
vertical channels relative to a standard Earth
model [Kennett and Engdahl, 1991] using the
cross-correlation method of VanDecar and Crosson
[1990]. We measured relative delays for three different frequency bands, using Gaussian ﬁlters with
center frequencies 0.3, 0.5, and 1 Hz and half
widths 0.15, 0.2, and 0.4 Hz, respectively; for each
event, the relative delays have a zero mean. Delay
time uncertainties for all teleseismic measurements were set at 30 ms. Below we discuss potential issues with measuring delay times using the
cross-correlation method when the shallow structure is strongly heterogeneous.

4.2. Coupled P-Wave Tomography
The novelty of our analysis lies in the simultaneous inversion of active source travel times and
Figure 4. Vertical, radial, and transverse component seismograms
densely recorded teleseismic delay times to
for the event shown as a black star in Figure 2. The x axis marks the
obtain a tomographic image of crustal structure.
0
distance along the line from A (220 km) to A (20 km) in Figure 2;
We show that the combination of near vertically
0 km marks the caldera center. Gray bars denote the caldera extent.
incident teleseismic data with subhorizontally
propagating active-source data improves three-dimensional sampling of structure beneath the volcano
(Figure 5).
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0
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For the calculation of P wave travel times and ray paths, we extend the Beachly et al. [2012] starting model to
a depth of 8 km below sea level (bsl). (Unless otherwise referenced as bsl, all depths are referenced to the
land surface). The starting velocity model is one-dimensional
Ray Paths
δ ln(V)
with a grid spacing of 200 m
2
0.1
and 100 m in the horizontal and
0
0
−2
vertical dimensions, respectively.
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We use a perturbational grid
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−20
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Distance (km)
in the horizontal and vertical
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Figure 5. Cross section of the Beachly et al. [2012] velocity model from A to A colored by
fractional change in velocity with respect to a 1-D starting model. Blue asterisks denote
station locations. Red lines show ray paths for the 2008 active source event. Blue lines
show ray paths for a typical teleseismic event. The active source rays propagate predominately in the horizontal plane while teleseismic ray paths propagate near vertical.
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and paths for the 3-D model
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Figure 6. Delay times for teleseismic events binned by back azimuth (indicated in upper left corner of each plot), picked using a Gaussian
ﬁlter with center frequency of 0.5 Hz and half-width 0.2 Hz. Blue lines show individual event delay times. Red lines show the mean delay
times for that back azimuth window. X axis is from A to A0 in Figure 2.

uses graph theory, which makes a high-frequency approximation [Moser, 1991]. For teleseismic data,
we calculate travel times and paths through a 3-D model to 8 km bsl and then include the travel time
from the event location to the bottom of our model assuming a radial Earth model. Our 3-D ray tracing
incorporates elevation into the forward problem by vertically shearing the velocity grid [Toomey et al.,
1994].
We jointly invert the teleseismic delay times and the active source travel times for seismic velocity following the approach of Toomey et al. [1994]. The relative weighting of the active-source and teleseismic data
sets is achieved through normalization of residuals by their relative uncertainties. We use all of our teleseismic picks in the inversion. Each teleseismic station-event pairing has up to three measurements, corresponding to the different frequency windows. This has a tendency to favor measurements that are
consistent across the three frequency bands. We calculate event static corrections for nine of the furthest
active source events [Beachly et al., 2012] and all of the teleseismic events. We do not employ station static
corrections in the inversion since we are inverting for near surface structure. Because the active source
tomography matches travel times for sources without event static terms, we are able to constrain absolute
velocities.
4.3. Finite Difference Waveform Modeling
We use synthetic seismograms calculated for a 2-D velocity model to: (i) understand the effect of subsurface structures on measurement of teleseismic delay times; (ii) quantify the accuracy of the ray
theory approximation; and (iii) test whether our tomographic results reproduce the character of the
observed teleseismic coda. Synthetic seismograms are calculated by the ﬁnite difference program E3D
[Larsen and Harris, 1993], using a Ricker wavelet as a source (0.5 Hz), and a teleseismic plane wave incident from the lower left-hand side with a 0.07 s/km ray parameter. We follow Tables 1 and 2 from
Beachly et al. [2012] and citations therein to deﬁne Vp, Vs, Qp, Qs, and density outside and within the
magma body. Our results, which are qualitative, are not strongly dependent on the exact values for the
above quantities.
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Figure 7. Mean teleseismic delay time for each back azimuth window picked using three different center frequencies; plotting convention
as in Figure 6. Blue lines are delay times for a center frequency of 0.3 Hz (half-width 0.15 Hz), red lines are delay times for a center
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5. Results
5.1. Teleseismic Delay Times
We observe systematic variations in teleseismic delay times at a variety of length scales. Figure 6 shows that
teleseismic delays vary by 0.4 s over the 40 km long aperture of the seismic array. At the longer spatial
scales (10 km), delays are consistently greater on the eastern ﬂanks of the volcano. At smaller scales
(1 km), the observed delays are consistently negative (early) near the caldera rim, whereas arrivals within
the caldera are more positive (late) than the surrounding arrivals by as much as 0.3 s. Figures 4 and 6 also
show that teleseismic arrivals vary by 0.05 s on the scale of the station spacing; such small scale structure
is likely due to noise as well as site effects and will not be resolved by our analysis.
The observed teleseismic delays show variability that is both frequency dependent and varies with event
backazimuth (Figure 7). Variations by backazimuth are indicative of three-dimensional velocity structure.
Figure 7 shows that the variation in teleseismic delays is greater when measured at lower frequencies, a
result that is opposite of that expected due to ﬁnite frequency effects [Nolet and Dahlen, 2000].
5.2. Frequency Dependence of Teleseismic Delay Times
We attribute the observation of larger teleseismic delays at lower frequencies to waveform interference
between the direct arrival and a reverberation off an upper crustal interface. To support this inference, we
calculated synthetic seismograms for a model with a shallow, low-velocity anomaly similar to a magma
body, and measured travel time delays using the cross-correlation method [VanDecar and Crosson, 1990].
We use a one-dimensional background model with a 4 km wide, 1 km thick low-velocity anomaly
(VP 5 3 km/s) at 3 km depth. Waveforms were calculated at several tens of stations on the surface (Figure 8).
For this model, the reverberation is a P wave reﬂection off the top of the magma body; Ps conversions, P diffractions, and other more complicated waveform interactions also contribute.
When cross-correlation delay-time measurements are made at higher frequencies (0.5 and 0.7 Hz), the ﬁrst
arrival and reverberation off the low-velocity feature are isolated, allowing easy identiﬁcation of the ﬁrst full
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period of the arrival. In contrast,
at lower frequencies (0.3 Hz),
the ﬁrst full period is not only
comprised of the ﬁrst arrival,
but also of the reverberation,
which may vary spatially.
Because the ﬁrst-order variations in our delay times, which
map to the ﬁrst-order features
of our model, are observed
across all three frequency bands
(Figure 7), we hold that these
artifacts are negligible.

5.3. Limitations of Ray Theory
For the teleseismic data, we
investigated the assumption
−0.1
that we can use a ray theory, or
−10
−5
0
5
10
Distance (km)
inﬁnite frequency, approximation in the forward problem of
Figure 8. Synthetic 2-D velocity model (top) used to predict teleseismic delay times (botthe tomographic inversion. In
tom). The velocity model (top) is derived from our 1-D velocity model with a low-velocity
anomaly (3 km/s) superimposed at 3 km depth with a width of 4 km and thickness of
Figure 8, we compare delay
1 km. White arrows show the approximate angle of incidence of the modeled teleseismic
times measured by cross correwave. Black arrows show inferred P wave reverberation off the low-velocity anomaly. The
lation of synthetic seismograms
bottom plot compares delay times (measured using the VanDecar and Crosson [1990]
cross-correlation method) for sources with center frequencies of 0.3, 0.5, and 0.7 Hz (dark
with arrival times predicted by
blue, red, and green, respectively) with delay times predicted using ray theory (light blue).
ray theory. The ray-theory travel
Large delay times are measured for the 0.3 Hz center frequency source because the revertimes are determined for the
beration off the magma body interferes with the ﬁrst arrival in the time window used to
measure the cross-correlation delay times at this frequency (see text for details). The ray
E3D synthetic velocity model
tracing method predicts a more spatially limited delay than that calculated using full
using the graph theory ray
waveform modeling, although the peak delay is similar to the higher frequency delay
tracer. In comparison with delay
time measurements. Note that the velocity model and delay times are plotted only from
210 km to 10 km.
time anomalies predicted from
synthetic seismograms, which
are measured at center frequencies of 0.3, 0.5, and 0.7 Hz, the graph-based ray-tracing algorithm predicts a
similar magnitude but more spatially localized delay-time anomaly. The broadening of the delay time
anomaly measured by cross correlation is consistent with expectations for wavefront healing [Nolet and
Dahlen, 2000]. Consequently, if the observed delay times are due to a narrow velocity perturbation at depth,
the method we use will reconstruct a broader velocity anomaly. We consider velocity anomalies in the
coupled tomographic model to be spatially larger than the true velocity structure. While this modeling illustrates the limitations of our forward problem, we do not use waveform modeling to further analyze the teleseismic delay times because our available teleseismic data are recorded on a linear array and the structure
of Newberry is three-dimensional.
0

5.4. Tomography Results
Our tomographic results provide new constraints on the size, shape, location, and amplitude of velocity anomalies
beneath Newberry Volcano (Figures 9 and 10). We conducted tens of tomographic inversions to investigate the
depth extent of the tomography model, to compare inversions where the active source and the teleseismic data
were inverted both independently as well as jointly, and to test the resolution of key features (supplementary
information Figures S1–S8).
Here we discuss three low-velocity anomalies. First, in comparison with the tomographic results of Beachly et al.
[2012], we resolve a larger amplitude, low-velocity anomaly (dlnVP 5 212%) at depths less than 1 km below the caldera (Figures 9 and 10); this feature is about 2 km by 4 km in the north-south and east-west directions, respectively
(Figure 9). In the Beachly et al. [2012] model, this anomaly was less pronounced (dlnVP 5 28%) and extended from
the surface to 2 km depth. Below this shallow anomaly is a second, smaller-amplitude, low-velocity anomaly that is
narrow and extends from 1 to 3 km depth (dlnVP 5 25%). While this structure may partially result from streaking,
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resolution tests show that the
observed magnitude requires
low velocities to be present
(supporting information Figure S8).
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Compared to the Beachly
et al. model [2012], our model
shows improved deﬁnition in
the location, shape, and
amplitude of the low-velocity
volume (LVV) at 3–5 km
depth; the third low-velocity
anomaly. In our model, the
LVV represents a reduction of
10% in velocity (dVP 5
20.6 km/s relative to the 1-D
model), is 2 km thick, has
horizontal dimensions of
approximately 5 km by 3 km
in the north-south and eastwest dimensions, respectively,
and a volume of 25 km3 (Figure 9). In comparison with earlier results, this anomaly is
located more directly beneath
the caldera, and its elongation
in the NNW direction is better
deﬁned (Figures 9 and 10). The
depth of the LVV compares
favorably with three magma
body models considered by
Beachly et al. [2012], which
were constrained by 2-D waveform analysis of primary and
secondary arrivals; the melt sill
model of Beachly et al. [2012]
is outlined on Figure 10c.

In both our result and that of
Beachly et al. [2012], highFigure 9. Map-view sections through our tomographic model at various depths, contoured at
velocity anomalies (10%) ﬂank
a constant fractional change in velocity of 0.02. Images are masked by the derivative weight
sum (DWS), a measure of the ray sampling [Toomey et al., 1994]. White triangles show the
the LVV and extend from near
stations from the 2008 experiment and gray lines denote the caldera faults. Deeper map-view
the surface to at least 5 km
sections are shown in supporting information Figure S2.
depth; the amplitude of these
anomalies are generally larger
in our model (Figure 10d). The high-velocity anomalies are predominantly observed beneath the northeast and
southwest ﬂanks and compare favorably with the positive gravity anomalies of Gettings and Griscom [1988] and
seismic anomalies from previous studies [Achauer et al., 1988]. Our results also reveal a feature not previously
detected, an increase in seismic velocity of 5% underneath the LVV (Figure 10 and supporting information Figure S2). The anomaly is located about 8–10 km depth (6–8 km bsl), but the maximum depth is not well constrained and increases for models with a greater depth extent (supporting information Figure S1).
Figure 11 shows a perspective view of the tomographic model along with hypocenters of earthquakes inside the
caldera from 2012 to 2015 from the Paciﬁc Northwest Seismic Network (PNSN) catalog. Deep long period (DLP)
events occur beneath the center of the caldera at 7–11 km depth. While the errors in hypocentral parameters are
signiﬁcant (0.5 km and 0.7 km in the horizontal and vertical directions, respectively), the earthquakes almost
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Figure 10. (a) The seismic velocities for the coupled tomography model along line A to A0 , masked by the DWS—see text for discussion.
Black triangles show station locations. Velocity contour interval is 0.25 km/s. (b) The fractional change in velocity for the coupled tomography model with respect to our starting model, masked by the DWS. (c) The fractional change in velocity for the Beachly et al. [2012] tomography model, relative to the 1D starting model, masked by the DWS. Dashed lines show the location of a melt sill model inferred by
Beachly et al. [2012] using waveform modeling of a secondary arrival. (d) Fractional change in velocity with respect to the Beachly et al.
[2012] tomography model. Figures 10b, 10c, and 10d have a contour interval of 0.03 fractional change in velocity.

exclusively locate outside of the LVV. We note that the location and trend of reported seismicity is similar to the
NNW elongation of the LVV and its location beneath the northern half of the caldera (Figures 2 and 11).
5.5. Sensitivity
and Resolution
We tested varying the vertical extent of the tomographic model and concluded that a model extending from
the surface to 8 km bsl (10 km beneath the surface) is the smallest vertical extent that ﬁts all the
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observations while still maintaining the ﬁrst-order features
observed in both deeper and
shallower models (supporting
information Figure S1). We conducted several resolution tests
(supporting information Figures
S3–S8) that show that velocity
recovery is best in regions of
high ray density as well as
regions of complementary ray
coverage by both teleseismic
and active-source data. While
the addition of teleseismic delay
times in the inversion leads to a
larger LVV (Figure 10), the teleseismic data themselves cannot
uniquely constrain LVV depth.
Although there are 81 densely
spaced stations that recorded
teleseisms, they form a linear
proﬁle and most of the teleseisFigure 11. 3-D perspective view of the tomography results. Dark blue denotes areas of
mic energy arrives perpendicular
0.08 or higher fractional velocity increase. Red volume denotes areas of 20.07 or lower
fractional velocity decrease. Small blue spheres are earthquakes within the caldera
to the array. Due to the small
recorded by PNSN stations from 2012 to 2015. Small yellow spheres are deep, long-period
number of useable teleseismic
events from the PNSN catalog. Topography is raised by 3 km and exaggerated by a factor
events, high incidence angle of
of 3. We interpreted the seismically fast areas (blue) to be cooled intrusives. The red volume is the inferred magma body. Earthquakes plot near the magma body, but generally
incident waves, and imperfect
not inside it.
azimuthal coverage, the teleseismic data alone cannot resolve 3D structure (supporting information Figures S3 and S6). Joint inversion using both subhorizontally propagating active-source energy and subvertically propagating teleseismic energy provides greater resolution than
either data set individually.
Our resolution tests also indicate that a 1 km thick, low-velocity sill consistent with pure melt (VP 5 2.3 km/
s) [Murase and McBirney, 1973] cannot be fully resolved by the tomographic inversion (supporting information Figures S3, S4, and S7). A similar feature was inferred by Beachly et al. [2012] from ﬁnite difference modeling of seismic waveforms but was also not resolvable in their tomographic inversion.
5.6. Teleseismic Coda
The observed teleseismic waveforms exhibit complexities that synthetic waveforms calculated for the tomographic model do not, indicating that the tomographic model does not fully reconstruct actual structure.
Figure 12 shows synthetic seismograms for a teleseismic plane wave that propagates through a 2-D cross
section of the model. The amplitude of the predicted coda on both the vertical and radial channels (Figures 12a,
12d, and 12g) is dramatically lower than that observed (Figure 4 and supporting information Figure S9), speciﬁcally beneath the caldera (around 0 km in Figures (4 and 12), supporting information Figure S9).
Because much of the later arriving energy is likely scattered reﬂections and reverberations, we test whether
‘‘sharpening’’ the tomography model by including discrete interfaces will increase later arriving. Figures 12b 12e,
and 12h shows that a discretized, 2-D model produces late arriving energy on the vertical and radial channels;
however, the amount of energy beneath the caldera remains less than that observed. We also considered the
effects of a pronounced low-velocity anomaly consistent with a melt-ﬁlled sill (Vp 5 2.3 km/s; Vs 5 0 km/s), similar to that modeled by Beachly et al. [2012]. Figures 12c 12f, and 12i shows that a melt-ﬁled sill in the location
of the LVV produces larger amplitude coda that are comparable to the data, speciﬁcally the large amplitude
ringing character near the caldera center seen on both the radial and vertical channels (Figure 4 and supporting information Figure S9). More complicated models involving multiple sills [e.g., Heath et al., 2014] show
even stronger ringing in the coda, but are beyond the scope of this paper. While qualitative, the simple models
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Figure 12. Plot of three velocity models (a, b, c) and their predicted waveforms for a plane wave (0.07 s/km ray parameter) incident from lower left. Figure 12a shows the velocity model
from our tomographic inversion along A- A0 and Figures 12d and 12g) show synthetic seismograms for the corresponding vertical and horizontal (radial) motion. Figures 12b, 12e, and
12h show the result for a discretized (sharpened) version of the tomographic velocity model. Figures 12c, 12f, and 12i shows results for a model where a 3 km/s (P wave) low-velocity
anomaly comparable to a magma body is superimposed on the tomography results; the larger amplitude coda in this model compares favorably with the observed seismograms
(Figure 4 and supporting information S9).

shown in Figure 12 show that the tomography model likely underestimates the amplitude of the velocity
anomalies beneath Newberry because of its inability to predict the observed P wave coda.

6. Discussion
6.1. Shallow Crustal Structure (<3 km Depth)
We attribute the ﬁrst, large amplitude, low-velocity anomaly (dlnVP 5 212%) at depths less than 1 km
beneath the caldera (Figures 9 and 10) to caldera ﬁll deposits. Caldera drill cores found a predominance of
ash ﬂows and tuffs in the upper 500 m with brecciated, interbedded basaltic ﬂows and rhyolites below,
down to 930 m at the bottom of the core [Keith and Bargar, 1988]. We suggest that the low density,
unconsolidated material in the upper 500 m contributes most to the recovered low-velocity anomaly, with
partial contribution from the deeper interbedded material.
Below the inferred caldera ﬁll is a second, narrow, smaller amplitude, low-velocity anomaly that extends
from 1 to 3 km depth (dlnVP 5 25%) and is centered beneath the caldera. This pipe-like feature (Figure 10)
has been attributed to a high porosity, brecciated zone resulting from caldera collapse [Achauer et al., 1988;
Beachly et al., 2012]. Alternatively, MacLeod and Sherrod [1988] suggested that the presence of a long-lived
magma body and repeated eruptions results in a thermal anomaly that extends from the magma body to
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the surface. If due to thermal effects alone, the observed velocity reduction requires a temperature anomaly
of 500˚C between 1 and 3 km depth (for granite with a VP 5 4.25 km/s and dVP/dT 5 23.9 3 1024 km/s/8C
[Christensen and Mooney, 1995]). At the base of the caldera core (930 m depth), the temperature is 2658C
[Keith and Bargar, 1988]. Since it is unlikely that temperature increases by almost 250˚C over the underlying
kilometer, we conclude that this low-velocity anomaly is primarily the result of increased porosity, though a
thermal anomaly could also be present.
6.2. Inferred Magma Body in the Upper Crust
Our tomographic model resolves a LVV (dlnVP 5 210%) at 3–5 km depth that we infer to be an upper
crustal magma body. While this inference is consistent with the tomographic results of Beachly et al. [2012],
our improved recovery requires the presence of melt. Note that the tomographic model of Beachly et al.
[2012] did not require that melt be present, instead that study used waveform modeling to better constrain
melt volumes. Furthermore, the spatial extent of the LVV in our model is more consistent with the surface
expression of rhyolitic volcanism, suggesting that it is the source region of these lavas. We calculate porosity, temperature, and partial melt content within the LVV for two scenarios: that the LVV is a hot, dry, fractured pluton [Zucca and Evans, 1992] and that the LVV is a magma body containing partial melt [Achauer
et al., 1988]. Below we show why the latter model is more plausible.
We use porosity/velocity relations to show that the porosities needed to explain the observed velocities are
larger than expected at 3–5 km depth. Using the Christensen and Wilkens [1982] basalt velocity/porosity relationships, the recovered lateral velocity variation from fast to slow (5.9–5 km/s) at 4 km depth corresponds
to approximately 0% and 10% porosity, respectively. However, a reasonable porosity at 3 km depth is 5%
and even less at 4 km depth (using the measurements of Zamora et al. [1994]). These values are considerably smaller than the inferred 10% porosity at 4 km depth. We conclude that the porosities needed to
explain the observed velocity variations, assuming that pore spaces are not melt ﬁlled, are implausible,
especially since the observed low velocity is likely underrecovered.
As a lower bound, we infer that the LVV is a partially molten magma body that contains a melt percentage
of 10%. We assume that the recovered velocity of 5 km/s at 4 km depth is due to porosity ﬁlled with rhyolite melt and use the theoretical predictions of Chu et al. [2010] to obtain a porosity of 8–12% for melts that
contain volatiles (H2O and/or CO2) at saturations of 6% to 0% by volume, respectively. We use a felsic
melt due to the preponderance of rhyolitic volcanism inside the caldera during the Holocene. In contrast to
earlier tomographic studies where elevated temperatures were sufﬁcient to explain the recovered low
velocities [Beachly et al., 2012], our joint tomography results require low degrees of partial melt (10%) and
a minimum melt volume of 2.5 km3. Because of the likely underrecovery of velocity anomalies, this melt
volume is a minimum and larger volumes of melt may exist beneath the volcano.
For an upper bound, we consider an entirely molten magma body. In this case, we expect a much lower Pwave velocity (2.3 km/s) [Murase and McBirney, 1973] than is tomographically recovered. But this possibility
is not excluded by our observations, since a purely molten magma body cannot be tomographically recovered with our data set (supporting information Figures S3–S7). Indeed, a lower velocity, melt-ﬁlled sill (1 km
thick with VP 5 2.3 km/s and VS 5 0 km/s and a volume of 20–25 km3) qualitatively explains the teleseismic
waveform coda (Figure 12). This volume, however, exceeds that inferred from the active source waveforms
[Beachly et al., 2012] and an upper limit of 8 km3 is the maximum melt volume consistent with both that
study and our results. A 8 km3 volume with 100% partial melt is smaller than the imaged LVV yet is consistent with tomographic broadening of a melt sill. Consequently, we infer that the LVV between 3 and 5 km is
a magma body that contains anywhere from 10% to 100% partial melt with a total volume of melt between
2.5 and 8 km3, respectively.
Experimental petrology studies indicate that the magma body from which the last caldera-forming eruption
(75 kyr) was sourced was located at a depth similar to that of the observed LVV [Mandler et al., 2014]. The
major element composition of the Newberry tuff is best ﬁt by fractional crystallization models at pressures
(1 kbar) consistent with the inferred depth of the current magma body (3–5 km) [Mandler et al., 2014].
This suggests that there may have been a shallow magma body at 3–5 km throughout a signiﬁcant portion
of the last 75 kyr at Newberry. The inference of a partially molten sill currently beneath Newberry does
not require recharge postdating the last eruption 1300 years ago, because any sill >600 m thick is unlikely
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to have entirely solidiﬁed during that time period [Turcotte and Schubert, 2002] (supporting information Figure S10).
6.3. Solidified Intrusions Surrounding the Magma Body
High velocities beneath the magma body (8–10 km depth) are likely cooled intrusives. Stauber et al. [1988],
using teleseismic tomography, recovered an anomalously high-velocity core beneath Newberry, though
this core had greater vertical extent, 10–25 km deep, than our model domain. High velocities beneath the
magma body indicate that seismically-resolvable magma conduits extending from deeper magmatic reservoirs to the magma body do not currently exist. However, small swarms of deep, long-period earthquakes,
which are commonly associated with magma, recorded every few months by the Paciﬁc Northwest Seismic
Network suggest that magmatic ﬂuids are likely passing through (Figure 11). The high velocities may reﬂect
solidiﬁed basaltic magma that underplated the felsic magma body—a potential source of the heat inﬂux
needed for previous eruptions.
In concert with the results of Beachly et al. [2012], we attribute anomalously high velocities beneath the east
and west ﬂanks of the caldera at 3–5 km depth to solidiﬁed intrusions (Figures 9 and 10); our improved
recovery of velocities allow for speciﬁc interpretation. On the west ﬂank the velocities (5.9 km/s at 3–4 km
depth) are consistent with solidiﬁed felsic material [e.g., Christensen and Mooney, 1995]. Using gravity data,
Gettings and Griscom [1988] note that the structure near 3 km depth on the west ﬂank is not sufﬁciently
dense to be solid maﬁc rock and considered the case of either partial melt or felsic material decreasing the
density. We appeal to felsic material at 3–4 km depth to explain both the gravity and seismic observations.
At depths greater than 3–4 km, this feature may be underlain by maﬁc material (>6.2 km/s at 6–8 km
depth). In contrast, higher velocities on the east ﬂank, >6.1 km/s at 3–4 km depth, are consistent with predominately maﬁc material, mirroring gravity results [Gettings and Griscom, 1988]. The intrusives may reﬂect
earlier distinct magma bodies [Waibel et al., 2012] that were intruded at slightly different locations or alternatively may be the solidiﬁed remnants of what was once a single larger magmatic system. Thermal modeling shows that the measured high temperatures at depth on the west ﬂank of the volcano are not the
result of the imaged magma body [Frone et al, 2014; Sammel et al, 1988] and that these anomalous temperatures are likely the result of conductive cooling of larger intrusive bodies on the ﬂanks that were potentially emplaced 100s of kyr ago [Frone et al., 2014].
6.4. Tectonic Controls on Magmatic Structure
There is a well-known link between volcano location and regional tectonic structures. For example, at
Mount St. Helens, a fault inferred from seismicity appears to run beneath the volcano [e.g., Weaver et al.,
1987; Waite and Moran, 2004]. At Medicine Lake, the shield volcano ediﬁce correlates well with the intersection of multiple fault zones and is located in an extensional environment [Donnelly-Nolan, 1988; DonnellyNolan et al., 2008], with the faults providing possible pathways for basaltic magma to reach the surface with
minimal crustal contamination. Similarly, Newberry shield volcano also lies near the intersection of multiple
fault zones (Figure 1) [MacLeod and Sherrod, 1988; Fitterman, 1988].
At Newberry, the magma body and caldera both have elliptical shapes with the caldera elongated in the
E-W direction and the magma body elongated in the N-S direction; both observations are consistent with
an E-W extensional tectonic regime. Partial reactivation of preexisting extensional faults causes the long
axis of a caldera to map to the extension direction [Acocella et al., 2004]. In contrast, the magmatic system
might feasibly be oriented perpendicular to the extension direction because magma tends to preferentially
align and erupt in the direction of weakness, perpendicular to the direction of least compressive stress.
Moreover, at Newberry the inferred magma body’s orientation roughly mimics the shape of the volcano
itself. Seismically fast areas, interpreted as solidiﬁed intrusions, are located predominately to the east and
west and are roughly parallel to the extension direction. Presumably, magma intrusions formed sills
beneath the ﬂanks and were not able to erupt, allowing them to solidify at depth.

7. Conclusions
Joint seismic tomography using both active source and teleseismic data were used to recover the seismic
velocity structure of the magmatic system beneath Newberry Volcano. The teleseismic data, recorded on a
dense, linear array of 81 stations that were deployed for 2–3 weeks, exhibit systematic variations in delay
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times and waveform structure over multiple scales, from 1 to 10 km. Our results show that the joint use of
teleseismic delay times and active source arrival times in tomographic inversions for shallow structure
(<10 km depth) more accurately reconstructs upper crustal structure than either data set individually.
In contrast to earlier tomographic results, our method images a seismic low-velocity volume that requires at
least 10% partial melt and a relatively small melt volume (2.5 km3) and is unlikely to be a hot, dry, fractured pluton. Furthermore, tomographic resolution tests show that a completely molten sill could exist.
Qualitative matching of teleseismic coda using synthetic waveforms supports the inference that the tomographic inversions still underreconstruct the magnitude of velocity variation in the upper crust. Our results
are consistent with constraints on magma body size from previous geophysical studies and match especially well with the waveform-derived models of Beachly et al. [2012]. Together these studies place an upper
limit on the melt volume of 8 km3. Our method also recovers anomalously high velocities beneath the
magma body (8–10 km depth) in a region of deep long-period earthquakes suggesting that while magmatic
ﬂuids are likely moving through this region, any magmatic conduits are not large enough to image tomographically. The inferred magma body is elongated in a direction perpendicular to regional east-west extensional stresses, indicating that the surrounding tectonic regime interacts with and shapes the magmatic
structure.
Our joint tomography results show that the deployment of dense seismic arrays with extended deployment
times to record passive events improves the ability to reconstruct a volcano’s structure within the upper
crust; indeed, unlike earlier work, our study requires a minimum volume of melt to be present. However, we
also ﬁnd that to fully resolve ﬁne scale structure in volcanic regions, other aspects of waveform data (e.g.,
reﬂections and conversions off the magmatic system and/or diffractions around it), in addition to ﬁrst arrival
times, must be analyzed.
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